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Abstract: The humidity of the mid troposphere has a significant effect on the development
of deep convection. Dry layers (dry intrusions) can inhibit deep convection through the
effect of a thermal inversion resulting from radiation and due to the reduction in buoyancy
resulting from entrainment. Recent observations have shown that the sensitivity of cloud
top height to changes in mid-tropospheric humidity can be larger than straightforward
“parcel dilution” would lead us to expect. Here, we investigate how aerosol effects on
cloud development and microphysics are coupled to the effects of mid-tropospheric dry air.
The two effects are coupled because the buoyancy loss through entrainment depends on
droplet evaporation, so is controlled both by the environmental humidity and by droplet
sizes, which are, in turn, controlled in part by the aerosol size distribution. Previous studies
have not taken these microphysical effects into account. Cloud development and
microphysics are examined using a 2-D non-hydrostatic cloud model with a detailed
treatment of aerosol, drop, and ice-phase hydrometeor size spectra. A moderately deep
mixed-phase convective cloud that developed over the High Plains of the United States is
simulated. We find that a dry layer in the mid troposphere leads to a reduction in cloud
updraft strength, droplet number, liquid water content and ice mass above the layer. The
effect of the dry layer on these cloud properties is greatly enhanced under elevated aerosol
conditions. In an environment with doubled aerosol number (but still realistic for
continental conditions) the dry layer has about a three-times larger effect on cloud drop
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number and 50% greater effect on ice mass compared to an environment with lower
aerosol. In the case with high aerosol loading, the dry layer stops convective development
for over 10 min, and the maximum cloud top height reached is lower. However, the effect
of the dry layer on cloud vertical development is significantly reduced when aerosol
concentrations are lower. The coupled effect of mid-tropospheric dry air and aerosol on
convective development is an additional way in which long term changes in aerosol may
impact planetary cloud processes and climate.
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1. Introduction

The effect of mid-tropospheric moisture on convective cloud development has been studied
extensively in recent years [1-9]. These studies have found that convection in a dry atmosphere tends
to be more readily diminished by entrainment of very dry air. The phenomenon occurs globally: in the
northern hemisphere [1], southern hemisphere [4,10], and the tropics [2,11]. The effect has also been
studied at oceanic [11], continental [1,12], and coastal locations [13,8]. The processes have been
examined through case studies [4], statistics [2], and numerical simulations [7,13,14]. The studies also
help to understand the large-scale moisture-convection feedback [15]. For example, Ridout [6] found
that there is a large increase in stored buoyant energy in association with the suppression of deep
convection by dry layers. The presence of dry mid-tropospheric air may cause the buildup of
buoyant energy for subsequent episodes of deep convection, such as those associated with the onset of
the Madden-Julian oscillation [16—18].

The relationship between moist convection and free-tropospheric humidity involves various
mechanisms at a range of spatial and temporal scales [15]. Locally, dry air inhibits deep convection
through two processes [12]: firstly, the thermal inversion due to the dry layer can prevent the
development of convective clouds; and secondly, the entrainment of dry air as the parcel rises
decreases the buoyancy [8,11,14,19]. Both processes control the cloud top height. The impact of
tropospheric humidity above the boundary layer depends on parcel buoyancy [14,20,21], as well as
other factors, such as wind shear, which may affect the mixing rate near the cloud boundary [6].
Shepherd et al. [13] discussed the relative importance of moisture in the boundary layer and in the mid
troposphere. For long-lived, organized convective systems with low cloud bases and large wind shear,
low-level moisture may likely affect convective activity. For short-lived convection with weak wind
shear and higher cloud bases, moisture in the mid troposphere can significantly impact rainfall. The
process of the suppression of deep convection by dry layers touches on some of the fundamental issues
of representing moist convection [7,22].

Sherwood et al. [8] noted that the observed sensitivity of cloud top height to changes in
free-tropospheric humidity was larger than expected from straightforward “parcel dilution”. They
found that a 20% increase in mean water vapor mixing ratio between 750 and 500 hPa was associated
with about 1 km deeper maximum cloud penetration. They also suggested that dynamical feedbacks
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involving the evaporation of lofted cloud or raindrops during the early stages of convective growth
might affect subsequent development.

An important process that has not been considered in the previous studies is the aerosol properties
of the entrained air. The buoyancy loss through entrainment is very much dependent on the amount of
droplet evaporation, thus, on the environmental humidity and droplet sizes. Because droplet spectra
depend on aerosol spectra, aerosol abundance may affect cloud development. In addition, the entrained
aerosol may result in spectral broadening from CCN growing into small droplets [23]. Therefore, the
effect of aerosol on the droplet spectrum is a potentially important process affecting convective clouds
and their response to dry layers.

Recent studies have found that the interaction between aerosol and deep convective cloud is
complex, depending on many factors, such as aerosol loading, geographical location and atmospheric
thermal conditions [24-27]. In our previous work [27] we used a cloud model with a detailed treatment
of microphysics and aerosols to study the sensitivity of a continental deep convective cloud to the
abundance of aerosol. The meteorological conditions show that there is a dry layer in the mid
troposphere. The model produced different cloud features when the initial aerosol concentration
increased. In the high aerosol case, cloud development was inhibited for about10 min, but other cases
with low aerosol concentrations did not exhibit this feature. The inhibition in cloud development was
clearly related to the dry layer, but also depended on the amount of aerosol. However, we did not
investigate the link between them. Nevertheless, our previous results show that dry layers and aerosol
are likely to have a coupled effect on deep convective cloud development, which has not been
previously studied.

Wang et al. [28] have shown that the smaller droplets in polluted stratocumulus clouds evaporate
more rapidly and that this enhanced evaporation during entrainment can counteract the increases in
liquid water path associated with reduced collision-coalescence. A recent modeling study of Trade
Wind maritime cumulus [29] found that the lifetime, depth and width of the clouds can decrease in
environments with high aerosol abundance, which is contrary to the expectation that the cloud lifetime
should be enhanced. They attribute this response to the enhanced evaporation during entrainment in
clouds with more drops. A similar study of warm continental cumulus [30] also found evaporation to
play a role in determining cloud response to changes in aerosol. A similar process occurs during
entrainment of dry air in the deeper mixed-phase clouds that we study here. Our work contrasts with
theirs because we study unstable, moderately deep mixed-phase clouds rather than warm trade
cumulus within a capped inversion. We also examine the coupled effect of humidity and aerosol in
controlling the cloud response.

Our specific objective is to study the response of a moderately deep mixed-phase cloud to aerosol
abundance both with and without a dry layer in the mid troposphere. We investigate the issue with a
dynamic cloud model with bin-resolved microphysics and aqueous-phase chemistry. The research
contributes to and extends our current understanding of factors influencing deep convective clouds in
the following ways. Firstly, it will study the synergistic roles of aerosol abundance and
mid-tropospheric humidity, while previous work has studied these as separate issues. Secondly, the
simulations with the cloud model provide information on the way in which drop spectra respond. In
this paper, sections 2 and 3 describe the cloud model and the experimental design. Section 4 discusses

results from numerical simulations and conclusions follow in Section 5.
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2. The Model

In this section we briefly describe the model used for simulations. The numerical model is the
Model of Aerosols and Chemistry in Convective Clouds (MAC3), which is based on the axisymmetric
nonhydrostatic cloud model of Reisin et al. [31] and includes newly added modules of trace gas
chemistry and aerosol [32,33].

The governing equations include the following atmospheric variables: the vertical and radial
velocity, pressure perturbation, virtual potential temperature perturbation, specific humidity perturbation,
specific number concentration and mass of aerosol in a spectral bin, specific number concentration and
mass for each type of cloud hydrometeors in a size bin, and concentration of activated ice nuclei. The
microphysical processes are solved with an accurate multi-moment method [31,34-36].

Four hydrometeor species are included: drops, ice crystals, graupel and snowflakes (aggregates).
Each particle species is divided into 34 bins, with mass doubling for adjacent bins. The aerosol
spectrum is represented by 43 bins. The warm microphysical processes include nucleation of drops
based on the calculated supersaturation and the prognosed aerosol spectrum, condensation and
evaporation, collision-coalescence, and binary break-up. The cold processes are ice nucleation
(deposition, condensation-freezing, contact nucleation, and immersion freezing), ice multiplication,
deposition and sublimation of ice, ice-ice and ice-drop interactions, melting of ice particles,
sedimentation of drops and ice particles.

The aerosol module includes prognostic equations for the number concentration of aerosol particles
and of the specific mass of aerosols which become activated, scavenged by hydrometeors, and remain
in the air, and regenerated following complete evaporation/sublimation of hydrometeors, gas-cloud
interactions and aqueous phase oxidation of dissolved SO, by ozone and hydrogen peroxide.

The effects of entrainment and mixing in our model are included in a turbulent diffusion
operator [37]. The operator is defined as
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where r and z are the radial and vertical coordinates, respectively, p, is the density of the unperturbed

atmosphere, ¢ is an arbitrary function, v, is the turbulent coefficient based on the approach of

Monin and Yaglom [38]:
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3. The Experimental Design

The 19 July 1981 Cooperative Convective Precipitation Experiment (CCOPE) case has been
extensively studied [27,33,39-43]. This case is characterized by moderate instability and weak wind
shear [44]. The vertical profile of relative humidity is marked by large changes on a scale of about
2 km (Figure 1a). A dry layer between 4.9 and 6.4 km is of particular interest in this study.

MACS3 is run here in an axisymmetric configuration, which is appropriate for clouds that developed
during the low wind shear conditions of 19 July 1981 over Montana [27]. The model domain is 12 km
in the vertical direction and 6 km in the radial direction, with vertical and horizontal grid sizes of
300 m and 150 m, respectively, and 60 and 120 m, respectively, for the high resolution runs. Open
boundary conditions are used [37]. A time step of 2.5 s is used for condensation/evaporation of drops
or deposition/sublimation of ice particles, and 0.01 for gas absorption. All other processes use a time
step of 5 s. The cloud is initialized by a 450 m wide warm bubble of 2 K in a layer centered at an
altitude of 900 m.

The initial aerosol size distribution is based on observations made in Mondana, USA by
Dye et al. [44] and is typical of continental conditions (Figure 1b). The distribution is made up of
3 modes (the Aitken, accumulation and coarse modes), with geometric mean particle radii of 0.006,
0.03, and 1.0 pm, respectively [27,33,43,45]. These modes are mapped onto the model’s 43 aerosol
particle size bins, with the mass per particle and the number concentration in each bin treated as
prognostic tracers. Based on Hobbs et al. [46], Yin et al. [32] assumed that 15% of the aerosol
particles were water soluble, and that the soluble aerosols were composed of ammonium sulphate,
regardless of size. Only sulphate aerosols are considered in the simulations. We also assume that the

aerosol number (and mass) decreases with altitude according to N(z,7,)= N(z = 0,7, )e_A , where

>'n

N(z=0,r,)is the aerosol concentration at the surface, z is altitude, 7, is aerosol radius, and z, (= 2 km)

is the scale height [27]. Because aerosol is a prognostic tracer in the model, this initial aerosol profile
changes in and around the cloud as the cloud develops, and aerosol particles transported and processed
by the cloud can be re-entrained [33]. Cui and Carslaw [45] studied the sensitivity to changes in the
vertical profile of aerosol. They found that the cloud causes an increase in upper troposphere aerosol
mass when the initial upper troposphere aerosol abundance is low and a decrease when the initial
abundance is high. Realistic increases in cloud condensation nucleus concentrations reduce the
precipitation efficiency and thereby the scavenging efficiency of aerosol and allow more aerosol
material to be transported to the upper troposphere. The enhancement of the upper troposphere aerosol
mass after a cloud event therefore increases in clouds with higher CCN concentration, a positive
feedback driven by the response of scavenging rates to aerosol abundance.

The purpose of the model runs is to examine how the cloud changes as the aerosol concentration
and mid-tropospheric humidity vary. The base case simulation used here is the same as that used by
Yin et al. [33] who compared the simulated cloud with observations. The model provided a reasonably
good reproduction of the cloud base height, size of the main updraught core, updraught speed at cloud
base, start time of the updraught decay, location and time of the maximum liquid-water content,
concentration of droplets, first appearance of graupel, and location of the first radar echo. Therefore,
the simulated cloud in this case is in good agreement with observations. In sensitivity simulations,
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Cui et al. [27] found that the dynamics and microphysics changed in response to changes in the aerosol
size distribution. When the number of particles in the aerosol accumulation mode was doubled (which
controls the evolution of cloud drop number depending on the attained supersaturation), the cloud top
temporally stopped ascending.

In order to investigate the coupled effect of the mid-tropospheric humidity and the aerosol
abundance, we designed four simulations. The first run is the base case, which uses the observed
humidity profile, including the dry layer between 4.8 and 6.6 km (see Figure 1a), and the standard
number of particles in the aerosol accumulation mode. We refer to this as case OrgDry. This
simulation is identical to the base case described by Yin ef al. [33] and Cui et al. [27] and produced
~930 c¢m > drops at cloud base. In the second run, the humidity in the mid-tropospheric dry layer is
increased from ~15% to ~55% (OrgWet), but cloud base drop concentrations are identical to OrgDry
when the two clouds just formed. In the third simulation, the observed dry humidity profile is used but
the amplitude of the aerosol accumulation mode is doubled (DblDry), resulting in a cloud base drop
concentration of 1200 cm . In the fourth simulation, the amplitude of the accumulation mode is
doubled and the humidity in the mid-tropospheric dry layer is increased to ~55% (DblWet). The four
cases are listed in Table 1.

Figure 1. (a) The 1440 MDT 19 July 1981 Miles City, Montana, USA, sounding of
temperature (red for all cases) and relative humidity (thick blue for OrgDry and DblDry;
thin green for OrgWet and DblWet); (b) Initial number density distribution functions
(black for OrgDry and OrgWet; brown for DblDry and DblWet) of aerosol particles (based
on Hobbs et al. [46], and Respondek et al. [43]) used in the simulations.
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Table 1. Description of Basic Simulations Conducted.

Experiment Description
Aerosol Humidity

OrgDry Base case Base case

DbIDry Amplitude of the accumulation mode is doubled Base case

OrgWet Same as in the base case Relative humidity between 5.1 and 6.3 km
is increased to ~55%.

DblWet Amplitude of the accumulation mode is doubled Relative humidity between 5.1 and 6.3 km
is increased to ~55%.
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4. Results

Figure 2 shows how the cloud top height and masses of drops, ice crystals and graupel vary between
the four cases. In response to the changes in mid-tropospheric humidity and aerosol abundance, the
simulated clouds gradually diverge after 20 min. A distinctive feature in cloud top heights is the
change from stagnation in case DblDry (at ~30—40 min) to more steady development in case DblWet.
Another feature is the increase in the top height of graupel particles in the high aerosol case when the
dry layer is removed. The top of graupel particles is ~8 km in case DblDry, while it is ~10 km in
DblWet. Generally, cloud top heights tend to increase with decreasing aerosol without the dry layer.
Figures 2a and 2c also indicate the large differences in surface precipitation between the four runs. In
Cui et al. [27], we studied the aerosol impact on precipitation, and found that an increase in aerosol
loading produces more numerous but smaller drops, which suppresses the warm rain process and
reduces the precipitation. Cui ef al. [26] examined the microphysical responses to aerosol abundance.
We found that the precipitation of the CCOPE cloud is mainly from melting graupel particles. When
the aerosol loading increases from moderate to high, the suppressed warm rain process results in
smaller graupel particles. Therefore, the precipitation is suppressed. The results of the four cases in this
paper are in agreement with our previous studies. In short, the dry layer can suppress the development
of the convective cloud and the suppression is more significant with increasing aerosol loading. The
causes for the coupled effect will be studied by examining the differences in cloud microphysics and
thermal dynamics in Figures 3—7.

Figure 2. The temporal variation of specific mass for droplets (a); ice crystal (b);
graupel (c¢); and the simulated cloud top heights (d). For clarity, only the isopleth of
0.1 gkg ' is plotted in (a—c).
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Figure 3. The differences at 25 min in drop specific mass (a and b; unit: gkg '), drop

number concentration (¢ and d; unit: cm ), temperature (e and f; unit: °C), and vertical

velocity (g and h; unit: ms™'). Left column is OrgWet minus OrgDry, while right column is

DblWet minus DblDry.
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Cloud tops reach the bottom of the dry layer at ~20 min in all cases and pass through the dry layer

during 20-25 min. At 20 min, there are very small differences in the maximum specific mass of

hydrometeors and the cloud top height. After passing the dry layer at ~25 min, the differences become

progressively larger in the upper part of the clouds. Figure 3 shows the differences at 25 min of

simulation in the specific mass and number concentrations of droplets, in the temperature, and in the

vertical velocity between the wet cases (without the dry layer) and dry cases (with the dry layer). A

comparison between the wet and dry cases with the same initial aerosol concentrations indicates that
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the removal of the dry layer leads to more vigorous clouds, in accord with previous findings [9]. Both
the specific mass (Figure 3a,b) and number concentrations (Figure 3c,d) of droplets increase near the
cloud top and edge when the dry layer is removed, and the increase is much larger in the high aerosol
cases (DblWet-DblDry). The removal of the dry layer suppresses evaporation caused by mixing and
produces more droplets near the cloud top and edge. Droplet concentrations increase in these regions
by up to 200-300 cm . Less evaporation, together with less dilution, results in more latent heating in
wet cases (Figure 3e,f). This, in turn, promotes updrafts that are stronger by up to
2-3 ms~' (Figure 3g,h). The differences are larger in the high aerosol cases (right column of Figure 3)
than in the low aerosol cases (left column) because the droplets are smaller and evaporate more
quickly. Therefore, the microphysical structure, cloud dynamics, and thermodynamics, are more
sensitive to changes in initial aerosol abundance in a dry mid-tropospheric environment.

Two factors in this study may affect buoyancy. One is the changes in the initial moisture profiles,
which causes a change of 6.88 J kg in convective available potential energy. The other is discussed
below. The process of buoyancy depletion acts through cloud microphysical processes, which
eventually affects cloud thermodynamics and dynamics. The size distribution of drops reveals how the
aerosol abundance and mid-tropospheric humidity affect cloud microphysics at selected locations
(Figures 4,5). For cases with the same initial aerosol concentrations (OrgDry and OrgWet; or DbIDry
and DblWet), the drop distributions vary with mid-tropospheric humidity. In the cloud lateral boundary
and the cloud top layer, the figures indicate an increase in both the number and mass distributions in
the wet cases. But in the updraft core, the differences in the distributions are small between the dry and
wet cases, reflecting the fact that the mid-tropospheric dry layer reduces the drops by a process of
mixing and entrainment across the cloud boundaries and gradually into the core. For cases with the
same initial moisture profile, the distributions of drops vary with the initial aerosol concentrations. In
the cloud lateral boundary and the cloud top layer, the figures indicate an increase in both the number
and mass distributions in the low aerosol cases. But in the updraft core, there are more large drops
(radii > 20 um) for the low aerosol cases. Figures 3—5 indicate that mid-tropospheric humidity is an
important factor affecting cloud microphysics, but that the magnitude of the effect depends also on the
aerosol abundance.

Figure 6 shows the differences at 35 min in the specific mass and number concentrations of droplets,
in the temperature, and in the vertical velocity between the wet and dry cases. A comparison between
this figure and Figure 3 (for 25 min) indicates that the impact of removing the dry layer becomes
stronger than at 25 min although the maximum impact is now in air that has ascended
1-1.5 km above the dry layer at 6 km. The effect of the dry layer on drop specific mass is ~2 g kg in
the high aerosol case but only ~1 g kg™ in the low aerosol case. Likewise, drop number concentrations
are reduced by greater than 200 cm ™ by the dry layer but only by ~50 cm ™ in the low aerosol case.
The enhancement of cloud activity is therefore much larger between cases DblDry and DblWet. Case
DblWet still has a cloud top height lower than case OrgWet, but it overcomes the stagnation in case
DblIDry. The top of graupel particles grows accordingly (Figure 2).
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Figure 4. Drop number distribution functions at selected locations at 25 min. The radial

distance (X) and altitude (Z) of the individual distributions is indicated on each panel. The
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Figure 5. Drop mass distribution functions at selected locations at 25 min. The radial
distance (X) and altitude (Z) of the individual distributions is indicated on each panel.
The units of the horizontal and vertical coordinates are pm and g kg 'um™', respectively.
Color schemes: black for OrgDry, red for OrgWet, blue for DblDry and green

for DblWet.
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Figure 6. The differences at 35 min in drop specific mass (a and b; unit: gkg '), drop

number concentration (¢ and d; unit: cm ), temperature (e and f; unit: °C), and vertical

velocity (g and h; unit: ms ). Left column is the difference between OrgWet and OrgDry,
while right column is the difference between DblWet and DbIDry.
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Figure 7 shows the differences of drops and ice crystals at the cloud centre between the wet and dry

cases. Both the mass and number of drops increase near the cloud top when the dry layer is removed

because the moister atmosphere delays drop dissipation (Figure 7a—d). The effect of the dry layer on

drop mass and number is most pronounced and lasts longer in the high aerosol cases (right hand panels

of Figure 7). The effect of the dry layer on ice properties is slightly different to that on the droplets.

The removal of the dry layer results in greater ice crystal mass, mostly before 40 min (Figure 7e—g),

and again, the effect of the dry layer on ice mass is more pronounced and lasts longer when aerosol

concentrations are higher. However, the increase in ice crystal number concentration upon removing
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the dry layer is larger in the low aerosol case (Figure 7g) than in high aerosol case (Figure 7h). This is
because immersion freezing is the dominant mode of freezing in these simulations, and in the low
aerosol case, there are more large drops near the cloud top, which is preferable for immersion
freezing [27].

Figure 7. The difference of drop specific mass (a and b; unit: gkg '), drop number
concentration (¢ and d; unit: cm), ice crystal specific mass (e and f; unit: gkg "), and ice
crystal number concentration (g and h; unit: cm ) at cloud centre. The left column is the
difference between OrgWet and OrgDry, and the right column between DblWet
and DblDry.
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and mixing. They speculated that dynamical feedbacks involving the re-evaporation of lofted cloud
and/or raindrops during the earlier stages of convective growth produce effects at later times that
enhance the overall sensitivity. The results of our simulations are consistent with Sherwood et al.’s
speculation in terms of the liquid phase microphysics. The role of mid-tropospheric moisture in
determining cloud top height is not to add more buoyancy. Rather, it is to lose less buoyancy by
reducing evaporation from entrainment and mixing. Therefore, the air parcel theory cannot explain the
sensitivity in the Sherwood study. Our study further indicates that the ice phase microphysics is
different in response to changes in mid-tropospheric moisture. Since the cloud top heights in the
Sherwood et al. study reached above 12 km, the existence of supercooled droplets is almost excluded.
Cloud drops will have already frozen either by heterogeneous freezing at lower levels or by
homogeneous freezing at higher levels. Therefore, the ice phase microphysics causes a final push on
the cloud top. This has been confirmed by previous studies [27,47].

The treatment of entrainment and mixing processes in the model is related to the spatial resolution.
To see the effect of resolution on the results, we have simulated the cloud 4 runs of 60-m resolution in
the horizontal and 120-m in the vertical: OrgDry60, OrgWet60, DblDry60, and DbIWet60. The
temporal variation of cloud top height is shown for the runs in Figure 8. The cloud top height increases
when the dry layer is removed for both high and low aerosol loadings.

The results of the sensitivity simulations show that dry layers can reduce cloud activity when
aerosol loading is high.

Figure 8. Cloud top heights for cases OrgDry60, OrgWet60, DblDry60, and
DblWet60, respectively.
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5. Discussion

In this paper, we investigate the coupling effect of mid-tropospheric moisture and aerosol
abundance on the dynamics and microphysics of a deep convective cloud with a numerical model. The
model used is a dynamic cloud model with bin-resolved microphysics and aqueous-phase chemistry.
The cloud, which formed on 19 July 1981 over Montana during CCOPE, developed in an environment
with moderate instability, weak wind shear, and a strong dry layer in the mid-troposphere. We
investigate the response of the cloud to aerosol abundance both with and without the mid-tropospheric
dry layer.
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The impact of dryness in the mid troposphere varies greatly depending on aerosol abundance. When
aerosol abundance is high, the impact is large enough to alter cloud dynamics and microphysics. In the
high aerosol case, the cloud top temporarily stops ascending with the dry layer. This does not repeat
when the dry layer is removed. We find that the dry layer in the mid troposphere leads to a reduction in
cloud updraft strength, droplet number, liquid water content and ice mass in the cloud above the layer,
and that these changes are amplified in high aerosol environments.

Our simulations agree with previous studies showing that mid-tropospheric dryness suppresses
convective activity. These studies suggest that dry layers inhibit the growth of deep convective clouds
by reducing buoyancy through entrainment. Our study, using bin-resolved microphysics, suggests that
enhanced evaporation of clouds with high droplet concentrations can significantly impact cloud, and
that macroscopic and microphysical properties can add to a dilution effect.

Mixing in our model is calculated at each time step as a result of turbulent diffusion, which is
assumed to mix cloudy and dry air down to the molecular level. There are two conceptual models for
the mixing of cloudy and clear air [48] and each is likely to result in a different response of the cloud
microphysics during entrainment. The homogeneous mixing model applies to situations in which the
turbulent mixing time scale is much longer than the droplet evaporation timescale. During a mixing
event, all cloud droplets therefore experience the same environmental conditions, all droplets
experience some evaporation and the number of cloud droplets does not change. In the inhomogeneous
mixing model, in which the timescale of turbulent mixing is shorter than droplet evaporation, cloud
drops at the interface between cloudy and clear air can evaporate completely, while other drops are
unaffected. In this case, the number of drops decreases. A number of studies have simulated the mixing
process from the scale of individual entrained blobs of dry air (~ metres) down to the Kolmogorov
scale at which molecular diffusion wipes out remaining gradients in cloud properties [23,49,50] and
there is some limited observational support [49,51]. These studies have concluded that mixing in real
clouds is likely to lie somewhere between extreme homogeneous and heterogeneous, and that
homogeneous mixing is the best approximation of clouds with high turbulence, such as cumulus clouds.

Lehmann et al. [52] discussed the scales in a quantitative way. They argued that the ratio of the
mixing and thermodynamic reaction time scales, defined as the Damkohler number, is not sufficient to
describe the mixing process. They introduced a transition length scale to separate the inertial subrange
into a range of length scales for which mixing between ambient dry and cloudy air is inhomogeneous,
and a range for which the mixing is homogeneous. The mixing process depends on many factors, such
as the mixing scales, turbulence, ambient relative humidity and sizes and concentrations of drops [53].
In the case of extreme heterogeneous mixing, droplets at the cloudy-clear interfaces evaporate
completely, so the rate of loss of cloud water and droplet number is essentially independent of the
droplet size spectrum. In homogeneous mixing, all droplets are exposed to the same humidity and all
droplets will evaporate a bit, so such mixing will lead to different evaporation behavior in clouds with
different initial drop spectra. The timescale of evaporation depends on the droplet size (t = /DS,
where 7 is the droplet radius, D is the diffusion coefficient of water vapor in air and S is the
subsaturation (e.g., 0.1 for RH = 90%). Therefore, in the cloud with a larger number of smaller
droplets, evaporation occurs more rapidly during mixing. In the cloud we simulate here, the mid-cloud
median radius varies between 12 and 14 um between the base case and doubled CCN case, so the
timescale of drop evaporation is initially 36% longer in the cloud with larger drops. This difference in
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evaporation timescale increases further as the droplets shrink. Thus, during mixing, the cloud with
initially smaller droplets suffers a greater loss of droplets as it passes through the dry layer.

The effect of aerosol on cloud dissipation that we have described operates under relatively dry
mid-tropospheric conditions with fairly high aerosol loadings. Under these conditions, the entrainment
of dry air combined with the rapid evaporation of small droplets leads to more rapid reduction of cloud
buoyancy than would be expected from either a moist mid-troposphere with fairly high aerosol
loadings or a dry mid-troposphere with fairly low aerosol loadings alone. Moist maritime air with low
aerosol number concentrations is at the opposite extreme. Dry layers have less effect because oceanic
areas have typically low aerosol and droplet concentrations and high humidity. The competition for the
available moisture is much less intense, and the reduction of cloud buoyancy is much slower. The
recent study by Koren ef al. [23] revealed that convective cloud top height increases over the Atlantic
due to aerosol. Recently, Huang ef al. [54] studied the deep convective cells over the Black Forest in
Germany. They found more vigorous growth and a higher top in the cleaner cloud. This is caused
partly by the cooling effect through evaporation, which occurred near the cloud boundary via
entrainment and mixing of the cloud air with the ambient dry air and in the upper part of the cloud
through the Bergeron mechanism. The reduction in cloud updraft strength due to enhanced evaporation
in polluted environments that we describe here is likely to be more important over dry continental
regions with high aerosol loadings.

Limitations of our current research include the resolution, and the treatment of the entrainment and
mixing. The resolution in the current simulations resolution is restricted by the use of bin resolved
microphysics and aerosol processes. Turbulent mixing takes considerable time before droplets are
exposed to the environmental air [49]. Such a delay should be taken into account when low spatial
resolution is used. The work by Jeffery and Reisner [55] shows promise for future development.

The existence of dry layers is a global phenomenon [56]. This phenomenon has been extensively
studied during the TOGA COARE IOP [6,57,58]. Recent studies have revealed dry layers in other
regions, such as over the West African monsoon area [7], the Arctic [59], the United Kingdom [60]
and the tropical Atlantic [61,62]. Further work is required to determine whether the effect of acrosol on
cloud dissipation could have wider implications for large-scale cloud processes and climate. A large-scale
suppression of convective clouds over substantial regions due to enhanced aerosol loadings would
amount to a negative climate forcing (due to the increased outgoing longwave radiation from lower
cloud tops). However, the effect of aerosol on convective clouds is complex and multi-faceted [63],
and net changes in cloud top height need to be considered alongside changes in anvil properties, cloud
extent, efc. Previous studies [64,65] have also suggested that increased aerosol leads to cloud
invigoration due to a suppression of low-level rainout and aerosol washout, as well as elevation of the
onset of precipitation. The greater suppression of cloud development due to more rapid evaporation in
dry layers would compete with that effect. Further research also needs to answer how the coupling
effect controls convective cloud fields rather than just a single cloud.
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