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Abstract: We report on the retrieval of stratospheric aerosol particle size and extinction coefficient
profiles from multi-color backscatter measurements with the Rayleigh–Mie–Raman lidar operated
at the Arctic Lidar Observatory for Middle Atmosphere Research (ALOMAR) in northern Norway.
The retrievals are based on a two-step approach. In a first step, the median radius of an assumed
monomodal log-normal particle size distribution with fixed width is retrieved based on a color index
formed from the measured backscatter ratios at the wavelengths of 1064 nm and 532 nm. An intrinsic
ambiguity of the retrieved aerosol size information is discussed. In a second step, this particle size
information is used to convert the measured lidar backscatter ratio to aerosol extinction coefficients.
The retrieval is currently based on monthly-averaged lidar measurements and the results for March
2013 are discussed. A sensitivity study is presented that allows for establishing an error budget for
the aerosol retrievals. Assuming a monomodal log-normal aerosol particle size distribution with a
geometric width of S = 1.5, median radii on the order of below 100 nm are retrieved. The median radii
are found to generally decrease with increasing altitude. The retrieved aerosol extinction profiles are
compared to observations with the OSIRIS (Optical Spectrograph and InfraRed Imager System) and
the OMPS-LP (Ozone Mapping Profiling Suite Limb Profiler) satellite instruments in the 60◦ N to
80◦ N latitude band. The extinction profiles that were retrieved from the lidar measurements show
good agreement with the observations of the two satellite instruments when taking the different
wavelengths of the instruments into account.

Keywords: stratospheric aerosols; high latitude stratosphere; multi-wavelength lidar measurements

1. Introduction

Stratospheric aerosols are of crucial importance for various physical and chemical processes in the
Earth’s atmosphere [1,2]. According to the current understanding, the main component of stratospheric
aerosols consists of sub-micron particles that are made of H2SO4 and H2O. The stratospheric sulfate
aerosol layer is thought to be maintained under volcanically quiescent conditions by a continuous
influx of OCS from the troposphere [3]. Volcanic eruptions may lead to stratospheric injections of
sulfur compounds, which can be photochemically converted to H2SO4 and contribute to the formation
and growth of sulfate aerosol particles [4]. Meteoric cores are frequently found as a component of
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stratospheric sulfate aerosols at high latitudes (e.g., Curtius et al. [5]). Meteoric smoke particles also
play an essential role for the formation of noctilucent clouds (or polar mesospheric clouds), which are
water ice clouds near the polar summer mesopause [5].

Stratospheric sulfate aerosols scatter incoming solar radiation and also absorb and re-emit
terrestrial thermal radiation [6]. The net effect of an enhanced stratospheric sulfate aerosol loading is
generally a surface cooling [7]. Stratospheric sulfate aerosols also provide surfaces for heterogeneous
chemical reactions. For an anthropogenically enhanced stratospheric halogen loading, an increase
of the aerosol surface area leads to a net catalytic destruction of stratospheric ozone [8]. This effect
will be reversed, once the stratospheric halogen load has returned to background levels (e.g., [9]).
In polar regions, stratospheric aerosols provide condensation nuclei for polar stratospheric clouds
(PSC), which facilitate heterogeneous chemical reactions that lead to chlorine activation, in turn leading
to catalytic ozone loss [10].

Up to now, lidar observations of stratospheric aerosols were essentially limited to mid-latitudes.
The atmosphere in the Arctic region is much less explored and exhibits characteristic variations of its
aerosol load as well as its thermal, dynamic, and chemical properties. In the current study, observations
of stratospheric aerosols obtained by measurements with the Rayleigh–Mie–Raman–lidar (RMR-lidar)
at the ALOMAR (Arctic Lidar Observatory for Atmospheric Research) station [11] located at 16.0◦ E,
69.3◦N are analysed. We extend the methods used for the study of polar stratospheric clouds (PSC) to
the much smaller signals of the stratospheric aerosol [12,13].

The number of experimental studies on the size of stratospheric sulfate aerosols at high latitudes
is quite limited and the published stratospheric aerosol size parameters in general cover quite a large
range of values, even under background aerosol conditions (see, e.g., [14]). A major advantage of
this new method is that the lidar ratio does not have to be assumed, but it is calculated from the
measurements themselves. For most other lidar studies on stratospheric aerosols, the value of the lidar
ratio is determined based on a priori assumptions on the aerosol particle size distribution. In addition,
the lidar ratio is usually assumed to be independent of altitude, which is generally not true.

To our best knowledge, the approach employed here—i.e., the retrieval of aerosol particle size
information in a first step, followed by calculating extinction coefficients—has not yet been applied to
lidar measurements of stratospheric sulfate aerosols.

The paper is structured, as follows. Section 2 provides a brief description of the lidar system
whose measurements are used in the present study. In Section 3, we describe the steps of the retrieval
approach employed to, first, obtain information on the aerosol particle size and, second, to calculate
the lidar ratio and retrieve the aerosol extinction coefficient and number density profiles. The retrieval
errors are discussed in Section 4 and the inferred aerosol extinction coefficient profiles are compared with
satellite-borne limb-scatter measurements in Section 5. Conclusions are presented in the final Section 6.

2. The ALOMAR Rayleigh-Mie-Raman (RMR) Lidar

The RMR-lidar is based on two Nd-YAG power lasers, each emitting 14 W, 15 W, 5 W at the
wavelengths of 1064 nm, 532 nm, and 355 nm, respectively. The backscattered light is collected by
two telescopes, each having a diameter of 1.8 m. During nighttime the inelastic Raman scattered
light at the wavelengths of 387 nm and 608 nm is recorded in addition to the light of the emitted
wavelengths [11]. The wavelengths 387 nm and 608 nm were chosen as they are Raman scattered on
Nitrogen only. We use the signal received at the emitted wavelengths and the Raman wavelengths to
calculate backscatter ratios, as described in Langenbach et al. [15].

The backscatter ratio is the ratio of the detected signal originating from scattering processes
on aerosol particles (Mie-scattering) and air molecules (Rayleigh-scattering) normalized by the
contribution of molecular scattering only. Therefore, it contains information on the aerosol load
in the scattering volume. For the discussion of the new retrieval approach, we have selected lidar
measurements of March 2013, as these measurements are free of polar stratospheric clouds and free
of enhanced aerosol due to volcanic eruptions or forest fires. Figure 1 shows the monthly mean
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backscatter ratio profiles at 532 nm and 1064 nm for March 2013. This dataset is based on 55 h of
lidar measurements during 7 days. The data was recorded with a temporal resolution of 30 s and a
range resolution of 50 m. The lidar data was first processed with a time step of five minutes and a
vertical resolution of 150 m to correct for instrumental effects (e.g., deadtime correction, noise removal).
Backscatter ratios were then calculated with a time resolution of 1 h and a vertical resolution of 1 km.
These data were then averaged for both systems and all data acquired in March 2013. About 30 h
of observations were performed under daytime conditions where Raman signals are not available.
To calculate backscatter ratios during these conditions, we use the nighttime Raman signals that were
recorded in the same measurement run [15].
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Figure 1. Monthly mean backscatter ratio profiles from lidar measurements during March 2013.
Thick lines represent the mean values for the wavelengths 532 nm and 1064 nm. Dashed lines around
the mean profiles indicate the error bands calculated as error of the mean.

3. Retrieval Approach

The main goal of this study is to describe an approach for the retrieval of vertical profiles of particle
size and extinction of stratospheric sulfate aerosols from ground-based multi-color lidar observations.
Because backscatter ratios at three wavelengths are available, a method for simultaneously inferring the
log-normal distribution width and median radius from two color ratios was in earlier studies applied
to lidar measurements of noctilucent clouds (e.g., [16,17]). This method is based on the exploitation of
two color ratios determined from the lidar measurements at the three available wavelengths (355 nm,
532 nm, and 1064 nm). The method works well for the relatively small particles forming noctilucent
clouds, with typical radii of several tens of nm, but it is not generally applicable to larger stratospheric
aerosol particles. Instead, a simplified approach is used, which fixes one of the two parameters
describing a monomodal log-normal particle size distribution (here, the distribution width) and
retrieves the remaining one (the median radius) [18].

The retrieval—based on the assumptions described below—is performed in two steps. First, the aerosol
median radius is determined by comparing the measured and modeled ratio of the backscatter ratio profiles
at two different wavelengths. This can be done, because the color index for the wavelengths used depends
on the median radius of the assumed log-normal size distribution. Second, the inferred particle median
radius is employed in order to calculate aerosol extinction coefficient profiles from the measured
backscatter ratio profiles. Finally, the aerosol particle number density can be determined.

3.1. Retrieval Assumptions

The aerosol is assumed to consist of 75% sulfuric acid (H2SO4) and 25% water, which defines its
refractive index. For the assumed aerosol composition the real part of the refractive index is roughly
nA

0 (λ = 532) = 1.43 at the wavelength of 532 nm and nA
0 (λ = 1064) = 1.42 at 1064 nm [19]. Note that

the relative fractions of H2SO4 and H2O of stratospheric sulfate aerosols are not constant, but will
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vary depending on the ambient conditions. The fraction of sulfuric acid will be varied in Section 4 by
20% to examine its impact on the results and, therefore, quantify its contribution to the error budget.
Such a variation should also represent the seasonal variability and a possible dependence on altitude.
Aerosol absorption turned out to have only a minor influence on the retrieval, since the imaginary part
of the refractive index is negligible and was, therefore, set to zero. Hence the scattering coefficients
are identical to the extinction coefficients. Only the backscatter ratios at 1064 nm and 532 nm are used
for the retrieval while the backscatter ratio at 355 nm is not used. At the wavelength of 355 nm the
backscatter signals (in the altitude range of the stratospheric aerosol layer) are dominated by Rayleigh
scattering and frequently used as a proxy for Rayleigh scattering [15].

The particle size distribution (PSD) is assumed to be monomodal log-normal:

dNA(z, r, rm(z), S)
dr

=
NA(z)√

2π ln(S)rm(z)
· exp

(
− (ln(r)− ln(rm(z)))2

2 ln2(S)

)
(1)

with r as the radius, NA(z) the number density of the aerosol particles, S the distribution width
(geometric standard deviation) and rm(z) the median radius. (Note that the most important variables
used are summarized in Table 1.) This assumption constitutes a clear simplification since multi-modal
distributions seem to be common. Deshler [20], for example, directly measured a bi-modal aerosol
distribution modelled by two log-normal modes. In particular, the second mode frequently seen in the
in-situ OPC measurements by Deshler [20]—having a typical median radius of about 400 nm—has a
significantly lower number density than the main mode with typical median radii of about 100 nm or
less. For our work, a monomodal assumption is justified, even if further modes of very small particles
are present because the measurement is dominated by the contribution of the main mode, as recently
demonstrated by [14]. It also should be mentioned that, with every mode, additional parameters
have to be taken into account. Since we have only one free parameter this approach would be not
appropriate for our method.

Table 1. Symbols used throughout the article.

Symbol Quantity Unit

R(z, rm, λ) Backscatter ratio dimensionless
ksca

Mie(z, rm, λ) Mie scattering coefficient km−1

ksca
Ray(z, rm, λ) Rayleigh scattering coefficient km−1

Θ Scattering angle (Θ = 180◦ for lidar observations) degrees
PMie(Θ, rm, λ) Mie scattering phase function sr−1

PRay(Θ) Rayleigh scattering phase function sr−1

βMie(z, rm, λ) Mie volume scattering coefficient km−1 · sr−1

βRay(z, rm, λ) Rayleigh volume scattering coefficient km−1 · sr−1

NA(z) Aerosol particle number density m−3

N(z) Air molecule number density m−3

σMie(rm, λ) Mie scattering cross section m2

σRay(rm, λ) Rayleigh scattering cross section m2

rm(z) Median aerosol radius nm
λ Wavelength nm
z Altitude km
S Particle size distribution width dimensionless
C(z, rm, λ1, λ2) Color index from backscatter ratios dimensionless

We assume that only the number density and median radius in Equation (1) are changing with
altitude (z). Here, the assumption of the distribution width S becomes important. Because its value
often covers a wide range between S < 1.1 up to S ≈ 1.7, a value of S = 1.5 was chosen (e.g., [20,21]).
We note that this value is somewhat arbitrary and has a direct impact on the values of the retrieved
median radii. However, the impact on the inferred aerosol extinction coefficients is relatively weak (see
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Section 4). Distribution widths other than 1.5 will only be used to determine the impact of a possible
inaccurate assumption on the retrieval.

Given these assumptions, we can calculate, for example, a mean scattering cross section of the
aerosol population as follows:

〈σMie(z, λ)〉 =
∞∫

0

dNA(z, r, rm(z), S)
dr

· σMie(r, λ, nA
0 (λ)) dr. (2)

To simplify the notation in the following, we define σMie(rm, λ) := 〈σMie(z, λ)〉 and omit the
dependence of rm(z) on altitude.

3.2. Retrieval of Aerosol Particle Size Information

In the first step particle size information is retrieved, which is a necessary requirement for further
computations. The lidar backscatter ratio R(z, rm, λ) at altitude z and wavelength λ is given by

R(z, rm, λ) =
βMie(z, rm, λ) + βRay(z, λ)

βRay(z, λ)
(3)

which can be simplified to

R(z, rm, λ) =
βMie(z, rm, λ)

βRay(z, λ)
+ 1 (4)

with the aerosol and Rayleigh volume backscatter coefficients βMie(z, rm, λ) and βRay(z, λ) given by

βMie(z, rm, λ) = ksca
Mie(z, rm, λ) · PMie(Θ, rm, λ) (5)

and

βRay(z, λ) = ksca
Ray(z, λ) · PRay(Θ). (6)

Here, ksca
Mie and ksca

Ray denote the Mie and Rayleigh scattering coefficients and PMie and PRay
correspond to the phase functions for Mie and Rayleigh scattering. Θ = 180◦ is the scattering angle.
Equation (5) can be written as

βMie(z, rm, λ) = NA(z) · σMie(rm, λ) · PMie(Θ, rm, λ) (7)

with NA(z) as the aerosol particle number density and σMie(rm, λ) as the Mie scattering cross section [22].
Note that the scattering cross section depends implicitly on altitude through the altitude dependence of
rm. For Rayleigh scattering the analogous relationship is

βRay(z, λ) = N(z) · σRay(λ) · PRay(Θ) (8)

with N(z) as the air density and σRay(λ) as the Rayleigh scattering cross section [23]:

σRay(λ) =
24π3

λ4N2
0

(n0(λ)
2 − 1)2

(n0(λ)2 + 2)2

(
6 + 3γ(λ)

6− 7γ(λ)

)
. (9)

Here, N0 denotes the number density of air for standard conditions, n0(λ) is the refractive index
of air for the given wavelength, also for standard conditions (with n0(532 nm) = 1.0002782 and
n0(1064 nm) = 1.0002739), and γ(λ) is the depolarisation factor of air.

Using lidar backscatter ratio measurements at two different wavelengths, a color index C can
be formed:
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C(z, rm, λ1, λ2) =
R(z, rm, λ1)− 1
R(z, rm, λ2)− 1

=
βMie(z, rm, λ1)

βMie(z, rm, λ2)
·

βRay(z, λ2)

βRay(z, λ1)
(10)

with λ1 = 1064 nm and λ2 = 532 nm. Note that the color index C defined here should not be confused
with the ratio of the Mie volume scattering coefficients at the two wavelengths, which is also often
used and sometimes denoted by “color ratio” (e.g., [16]). It is worth pointing out that the color
index C(z, rm, 1064 nm, 532 nm) depends on altitude only through the altitude dependence of rm(z).
The underlying reason is that the aerosol and air number densities in βMie and βRay cancel out when
calculating the ratio. For βRay, also the phase function cancels out and the color index can be expressed as:

C (z, rm, λ1, λ2) =
σMie(rm, λ1)PMie(Θ, rm, λ1)

σMie(rm, λ2)PMie(Θ, rm, λ2)
·

σRay(λ2)

σRay(λ1)
. (11)

It is worth keeping in mind that the color index implicitly depends on the assumptions about the
aerosol refractive index and the particle size distribution introduced in Section 3.1. Figure 2 shows
the altitude dependence of the color index determined from the monthly averaged backscatter ratio
profiles of March 2013 (shown in Figure 1). The Mie-scattering cross sections σMie(rm, λ) and Mie
phase functions PMie(Θ, rm, λ) used in the forward model (Equations (5) and (11)) are calculated using
the IDL Mie scattering routines provided by the University of Oxford [24].
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Figure 2. Color index profile calculated from monthly mean backscatter ratio profiles at the wavelengths
of 1064 nm and 532 nm for March 2013 and using Equation (10). The thick line represents the mean value
and the dashed lines indicate the error band calculated by Gaussian error propagation of the error of the
mean backscatter ratio values.

Figure 3 shows the color index for different median radii rm and for different widths (S) of the
assumed monomodal log-normal PSD (Equation (1)). The color indices obtained from measurements
in March 2013 are indicated by the red shaded area in Figure 3. The median radius rm is then retrieved
from the measured color index using linear interpolation to a precalculated lookup table of color indices
as a function of rm. This is done for every altitude allowing the determination of a vertical profile of the
median radius.
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Figure 3. Radius dependence of the color index C for λ1 = 1064 nm and λ2 = 532 nm (see Equation (11))
calculated using a Mie scattering code for different distribution widths S (solid lines). The range of
color ratios from monthly mean data of March 2013 is indicated by the shaded area. The horizontal
black dashed line indicates a color index value of C = 3.

3.3. Radius Ambiguity

The radius assignment is not necessarily unique. Some of the measured color index values
may be caused by multiple median radius values if the width (S) of the PSD is changing, as seen in
Figure 3. For example, a color index value of C = 3 may be generated by PSDs with median radii of
about rm = 75 nm, rm = 45 nm, and rm = 20 nm for distribution widths of S = 1.3, S = 1.5, and S = 1.8.
For distribution widths of less than about S = 1.75 the radius retrieval may be divided into different
branches, i.e., radius ranges between neighboring local extrema of C. For S = 1.5 the first branch
extends from rm = 0 nm to about rm = 105 nm, whereas branch 2 ranges from roughly rm = 105 nm
to rm = 200 nm and branch 3 from rm = 200 nm to roughly rm = 450 nm. If the width of the PSD is
(unrealistically) small (S = 1.1), a color index of C = 3 corresponds to radii of roughly rm = 100 nm,
rm = 270 nm and rm = 310 nm for the respective branches 1 to 3. Some branches are excluded from the
retrieval based on the following considerations.

First, it should be noted that by increasing the assumed distribution width the computed color
index curve changes its shape and some branches vanish. Above a distribution width of around
S = 1.75, any ambiguity in the radius retrieval vanishes since the color index increases monotonic
with rm. In this context, it is worth pointing out that several studies report distribution widths well
exceeding S = 1.4 [25–27].

Second, for the range of color index values measured by the lidar in March 2013, branches 2 and 3
are excluded for S = 1.5, as these branches do not produce the observed color index values. There are
further contradictions when picking solutions from branches 2 and 3. These solutions would for
example lead to very high minimal rm values of several hundred nanometers without any transition
to smaller values along the vertical profile. High color index values (C � 4) would be expected if
particles grow or shrink from about 110 nm to 260 nm, and these high color index values are not
observed. In Figure 4 we show the altitude dependence of the retrieved rm for different S (and for
branch 3 of S = 1.1) to illustrate this issue. We do not show results from branch 2 because the resulting
median radii increase continuously with altitude, which seems to be physically implausible.

For the range of color index values observed by lidar, only the retrieval based on branch 1 gives
plausible results for S larger than about 1.1. It is worth pointing out that color indices from branch 3 and
S = 1.1 only agree to the measured color indices for altitudes below about 28 km. Above this altitude,
the measured color indices are lower than the local minimum of C at about rm = 290 nm (see Figure 3).

We see two reasons for excluding branch 3. First, very small distribution widths with S ≤ 1.1 are
not compatible with our data set, as we use monthly mean lidar data. Even for quiescent background
conditions, the aerosol population can show a highly complex spatial structure with filaments and
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a dynamic behavior on timescales of several hours [15]. Therefore, the assumption of an aerosol
population with a very narrow distribution width during a relatively long period of one month is
unrealistic. This argument is consistent with many in-situ and remote sensing studies [20,26–29].
Secondly, the absence of median radii below about 290 nm and a discrete jump of particle sizes around
the altitude of 28 km from about 290 nm to about 100 nm does not characterize a physically plausible
aerosol size profile.

It should be kept in mind that, for periods after large volcanic eruptions, larger particles are found
in the aerosol layer [20]. In these cases, we would expect to see a variety of particle sizes at certain
altitudes and hence a larger range of color index values than what we observed in March 2013. For a
larger spread of color index values, the arguments for ruling out radius branches need to be revisited.
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Figure 4. Retrieved median radius profiles based on branch 1 (curves on the left) and branch 3 (cyan
curve on the right). The branch 1 retrievals are shown for different distribution widths S to illustrate its
influence on the radius retrieval. For S < 1.1, a radius assignment using branch 3 exists for the altitude
range up to about 28 km as shown in the rightmost profile. Shown are median radius profiles that are
computed from monthly mean backscatter ratio profiles for March 2013.

3.4. Derivation of Extinction Profiles

Once the median radius is determined, the extinction profile is calculated by solving Equation (5)
for ksca

Mie and then substituting βMie from Equation (4) and making use of Equation (6):

kext
Mie(z, rm, λ) = ksca

Mie(z, rm, λ) =
ksca

Ray(z, λ) · PRay(Θ)

PMie(Θ, rm, λ)
· (R(z, rm, λ)− 1) . (12)

The quantities on the right hand side of this equation are either measured (R) or known (PRay)
or are calculated while using rm (PMie). We calculate ksca

Ray(z, λ) by using air density from monthly
means (of daily means) of temperature and pressure profiles taken from ERA-Interim reanalysis data
provided by the European Centre for Medium-range Weather Forecast [30]. With those ingredients
inserted into Equation (12), extinction profiles are computed for the two wavelengths studied here.
Figure 5 shows the aerosol extinction profiles at 532 nm and 1064 nm based on monthly mean lidar
measurements for March 2013. It is worth noting that Equation (12) can be rewritten as:

ksca
Mie(z, rm, λ) = Λ(rm, λ) · ksca

Ray(z, λ) · PRay(Θ) · (R(z, rm, λ)− 1) (13)

where Λ is the so-called lidar ratio:

Λ(rm, λ) =
ksca(rm, λ)

βMie(Θ, rm, λ)
=

1
PMie(Θ, rm, λ)

. (14)



Atmosphere 2020, 11, 773 9 of 18

The possibility to compute the lidar ratio from the retrieved median radius is an advantageous
feature of the method applied here. In cases where Λ can not be inferred from the measurements
(contrary to our approach), a constant lidar ratio with values around Λ(λ = 532) ≈ 50 sr for 532 nm is
often assumed (e.g., [31]). Based on Equation (14), the extinction profile is then calculated by:

ksca
Mie(z, λ) = Λ(λ) · βMie(Θ, z, λ). (15)

Figure 5. Extinction coefficient profiles derived from the monthly mean backscatter ratio profiles for
March 2013 with an assumed distribution width of S = 1.5.

This approach—based on an assumed lidar ratio—constitutes the only way to estimate aerosol
extinction coefficients if aerosol backscatter coefficients are available only at a single wavelength.
However, assuming a constant lidar ratio Λ(λ) does not account for its dependence on the radius,
and therefore on its implicit dependence on altitude. The lidar ratio profile in Figure 6 shows that the
assumption of a constant lidar ratio can be a good approximation for 1064 nm over the whole altitude
range and for 532 nm for an altitude range between 15 and 23 km for the latitude and month studied
here. The different behaviour for the two wavelengths is due to the weaker dependence of the phase
function on radius for backscattering of the longer wavelength. For altitudes that are above 23 km the
lidar ratio for 532 nm changes significantly, therefore leading to inevitable errors if its value is assumed
to be constant.
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Figure 6. Stratospheric aerosol lidar ratio profile derived from measurements during March 2013 with
an assumed distribution width of S = 1.5.
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We note that in most studies on lidar measurements of stratospheric aerosols a constant lidar
ratio is employed. Trickl et al. [32], e.g., assume a value of 50 sr, which was based on EARLINET
results ([33]). However, Mattis et al. [33] only deal with tropospheric aerosols and it is not clear
why the same lidar ratio should also be applicable to stratospheric aerosols. Khaykin et al. [31]
also assume a lidar ratio of 50 sr (at 532 nm) for the volcanically quiescent period after 1997,
following Trickl et al. [32]. Sakai et al. [34] employ lidar ratios between 35 and 50 sr, based on in-situ
measurements of stratospheric aerosol particle size distributions at midlatitudes in both hemispheres.
Stratospheric aerosol particle size parameters—and hence the lidar ratio—will certainly depend
on latitude to a certain extent, implying that the lidar ratios reported in this study may not be
directly applicable to the geolocations of other lidar stations. However, the value of the lidar
ratio of stratospheric sulfate aerosols—as well as its variability with location, time, and particularly
altitude—should be critically investigated, particularly because it directly affects the derived aerosol
extinction coefficients and optical depth, the latter of which is often used to quantify radiative forcing.

3.5. Particle Number Density Estimation

Together with the extinction profiles retrieved in the previous section, all information is available
to estimate the aerosol number density NA utilising the relationship between extinction coefficient,
scattering cross section, and particle number density. Following Equations (7) and (14), the particle
number density is calculated as:

NA(z) =
ksca

Mie(z, λ)

σMie(rm, λ)
. (16)

The aerosol number density profiles can now be computed from extinction coefficient profiles
at both wavelengths. As can be seen in Figure 7, these two number density profiles are identical,
as expected.

Figure 7. Stratospheric aerosol particle number density profiles for March 2013 with an assumed
distribution width of S = 1.5 obtained from the extinction coefficient profiles at 532 nm and 1064 nm
shown in Figure 5.

4. Error Estimation

A key point of the retrieval approach employed here is a correct determination of the median
radius, since all inferred quantities depend on it. Therefore, we first investigate the impact of the
assumptions and the measurement errors on rm. The aerosol extinction and the particle number density
also depend on atmospheric temperature and pressure through ksca

Ray.
The retrieval was performed with perturbed parameter values used in the forward model in order

to determine the impact of the distribution width (S) and the refractive index (nA
0 (λ)) on the median

radius. The distribution width was varied by ∆S = ±0.1 and ∆S = ±0.2 and the refractive index was
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varied by ∆nA
0 = ±0.04. This value for the refractive index perturbation roughly corresponds to a 20%

change of the H2SO4 concentration.
Figure 8 shows the contribution of each parameter to the error in rm. The most significant

impact on the radius determination comes from an incorrect assumption on the distribution width.
A difference of ∆S = ±0.2 leads to relative errors between roughly ∆rm/rm =∓40% and ∓70,
depending on altitude. If the assumed distribution width is increased, then the retrieved median
radius decreases and vice versa. In Figure 9, we show the retrieved radius rm and the combined error
bands when adding the different errors, but separated for the two different assumptions of ∆S.

Figure 8. Relative error of the median radius ∆rm/rm due to measurement errors, uncertainties in the
distribution width (∆S), and the aerosol refractive index (∆nA

0 = ±0.04) for measurements of March 2013.

Figure 9. Median radius (rm) profile for March 2013 inferred with an assumed distribution width of
S = 1.5 (black curve). The error ranges are obtained by adding the error contributions of measurement
uncertainty, refractive index variation, and uncertainties in the distribution widths (red and blue lines).

For the error estimation of the extinction coefficients, we also allow for uncertainties of
temperature (∆T ± 1 K) and pressure (∆p/p = ±1%), since they are implicitly included in ksca

Ray.
The contributions of the different error sources to the relative error of the aerosol extinction coefficients
(∆ksca

Mie/ksca
Mie) are shown in Figure 10. Again, the dominant contribution comes from an erroneous

assumption of the distribution width. However, the relative error is not as big as in the case of the
radius retrieval (Figure 8) and the inferred extinction coefficients seem to be rather robust against
variations of the distribution width. This is also illustrated in Figure 11, which shows the extinction
coefficient profiles together with the total error. Like in Figure 9 two error ranges are given for the two
assumed errors of the distribution width of ∆S = ±0.1 and ∆S = ±0.2. The same procedure allows for
an analogous calculation of the error bands for the lidar ratio profiles (Figure 6) displayed in Figure 12.
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Figure 10. Relative error of the extinction coefficients (∆ksca
Mie/ksca

Mie) at the two wavelengths 1064 nm
and 532 nm. The impact of uncertainties in refractive index, temperature, pressure, distribution width
(∆S) and measurement errors are shown for monthly mean measurements of March 2013.

Figure 11. Extinction coefficient profiles (ksca
Mie) for March 2013 inferred with an assumed distribution width

of S = 1.5 (Original) with total error ranges of the two assumed deviations (∆S) of the distribution width.

Figure 12. Lidar ratio profiles for March 2013 for an assumed distribution width of S = 1.5 (Original)
with total error ranges of the two assumed deviations ∆S of the distribution width.

Finally, we show the error of the aerosol number density (NA) in Figure 13. The number density is
very sensitive to uncertainties of rm as σMie(rm, λ) in Equation (16) depends exponentially on rm with
about σMie(rm, λ) ∝ rκ

m with κ of 4 to 5 (e.g., [14]).
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Figure 13. Aerosol number density profile (NA) for March 2013 inferred with an assumed distribution
width of S = 1.5 (Original). Blue and red lines indicate the total error ranges of the two assumed
deviations (∆S) of the distribution width.

5. Comparison with Independent Observations

This section deals with two different aspects. In Section 5.1, the retrieved median radii of stratospheric
sulfate aerosol particles are compared to (not collocated) results from the literature. Section 5.2 presents
comparisons of the retrieved aerosol extinction profiles with available satellite data sets.

5.1. Comparison of Particle Size Retrievals

The number of available studies on the size of stratospheric sulfate particles at high latitudes
is rather small. Here, we limit the considerations to comparisons with non-collocated observations
described in the literature.

McLinden et al. [26] employed polarized limb-radiance measurements with the CPFM (Composition
and Photodissociative Flux Measurement) spectroradiometer operated on NASA’s ER-2 high altitude
aircraft during two field campaigns in April and May 1997. Both flights started in Fairbanks, Alaska
(65◦ N, 148◦ W), and covered the high latitude American sector. For the retrieval of aerosol particle
size information CPFM limb scans at latitudes of 83◦ N and 75◦ N were used. For their aerosol
retrieval, an altitude independent monomodal log-normal PSD was assumed, which the authors
claimed to be representative of the aerosol at all heights in the lower stratosphere covered by the
measurements. Median radii of rm = 120± 20 nm and 100± 20 nm were retrieved at the two latitudes.
The distribution width was given as logarithmic standard deviation (with values of 0.44 ± 0.04 and
0.46 ± 0.04) corresponding to distribution widths (geometric standard deviations) of S = 1.55± 0.06 at
83◦ N and S = 1.58± 0.06 at 75◦ N.

Bourassa et al. [25] retrieved stratospheric aerosol particle size information from OSIRIS limb-scatter
measurements at 750 nm and 1530 nm, also assuming a monomodal log-normal PSD. From a single
limb-scan (assuming S = 1.6) the authors retrieved a median radius (the article incorrectly states mode
radius), decreasing from about 100 nm at 21 km to about 30 nm at 30 km altitude. The measurement was
performed on 5 January 2004 at 35.6◦ S latitude and 112.6◦ longitude.

Ugolnikov et al. [27] presented stratospheric aerosol particle size retrievals from ground-based
multi-spectral twilight measurements carried out with an all-sky camera in central Russia (55.2◦ N,
37.5◦ E) in spring and summer 2016, i.e., for volcanically relatively quiescent conditions. The authors
assumed a monomodal log-normal PSD and retrieved an aerosol radius of about rm = 80 nm and a
width of S = 1.5–1.6.

Bingen et al. [21] and Bingen at al. [35] retrieved stratospheric aerosol particle size information
from SAGE II solar occultation measurements for the period from 1985 to 2000. The retrieved aerosol
radii are on the order of 200–350 nm at an altitude of 22.5 km in 1999, i.e., eight years after the eruption
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of Mt. Pinatubo, when the stratospheric aerosol load was again close to background conditions.
However it is important to mention that the PSDs are rather narrow, with retrieved S ≤ 1.1.

Deshler [20] retrieved stratospheric aerosol particle size from balloon-borne measurements above
Laramie (Wyoming, USA, 41◦ N, 105◦ W). This analysis considered a bimodal size distribution which
may be present, even at background aerosol conditions. Averaged profiles obtained between 1995 and
2003 with reduced or without volcanic aerosol load from Pinatubo show an increase of the median
radius of the main mode from roughly 45 nm at 16 km up to a maximum of 80 nm at 21 km with a
distribution width of S = 1.37. For the time period with volcanic aerosols a maximal median radius of
the main mode is found to be around 180 nm with S = 1.41.

In summary, a majority of the studies on the size of stratospheric sulfate aerosols yields—under
volcanically quiescent conditions—median radii on the order of about 100 nm, in good overall
agreement with the retrievals that are presented here. The exception are size retrievals based on
multi-spectral solar occultation measurements with SAGE II [21,35,36] yielding mode (or median radii)
of several hundred nm, even in the late 1990s, when the Pinatubo aerosol has already almost entirely
disappeared. The discrepancies between the aerosol size parameters retrieved from SAGE II solar
occultation measurements to the other techniques may in part be a consequence of different sensitivities
of these measurement techniques to the aerosol particle population in combination with errors in the
assumed PSD. von Savigny and Hoffmann [14] recently investigated this aspect. They simulated color
index measurements for lidar backscatter and solar occultation measurement geometries assuming a
bi-modal log-normal aerosol PSD (following the results by Desher et al. [28] and Deshler [20]) and
retrieved the median radius of an assumed monomodal log-normal PSD with fixed width parameter.
The median radii retrieved from the simulated solar occultation measurements are up to a factor of
3 larger than the radii retrieved for the lidar geometry—the main reason being that solar occultation
measurements have a higher intrinsic sensitivity to the larger particles of the particle population.

The study also showed that the aerosol number density retrieved from the lidar measurements
will be systematically larger than the one retrieved from solar occultation measurements—by up to
factor of 50 for the assumptions made in [14]. This is also consistent with the aerosol number densities
retrieved in the current study (see Figure 7) being systematically larger (by 1–2 orders of magnitude)
than the aerosol number densities that are typically retrieved from solar occultation measurements,
which are typically on the order of a few particles cm−3.

5.2. Comparison of Extinction Profiles

In this section, the extinction coefficient profiles retrieved from the measurements with the
ALOMAR lidar are compared to aerosol extinction profiles retrieved from measurements with different
satellite instruments. Because the main focus of this study is on the retrieval methodology, we limit the
comparison to observations from two different satellite instruments, namely OSIRIS and OMPS.

The OSIRIS (Optical Spectrograph and InfraRed Imager System) was launched in 2001 on-board
the Swedish/Canadian/Finish/French Odin satellite [37,38]. OSIRIS performs limb-scatter observations
in the 280–800 nm spectral range, allowing to retrieve stratospheric aerosol extinction profiles [39].
Aerosol extinction is provided at a wavelength of 750 nm and data version 5.07 is used here.
OMPS (Ozone Mapping Profiling Suite) was launched in 2012 on-board the Suomi-NPP (Suomi
National Polar-orbiting Partnership) satellite and performs nadir and limb-scatter measurements
(e.g., [40]). Stratospheric aerosol extinction profiles are retrieved from limb-scatter measurements and
tbey are provided at a wavelength of 675 nm (data version 1) [41].

For comparison, monthly mean and zonally averaged data for March 2013 in the latitude
range 60◦ N–80◦ N were used. Measurements performed in March should not be influenced by polar
stratospheric clouds which frequently appear during winter months. Prior to the comparison the extinction
profiles measured at the two wavelengths 1064 nm and 532 nm have to be converted to the wavelengths
for which the satellite data are provided. This conversion is done using the Ångström approach [42].
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kext
Mie(z, rm, λ) = c(z) · λ−α(rm) (17)

with the Ångström exponent α(rm), a proportionality factor c(z) (depending on the aerosol number
density) and λ denoting the wavelength. Because our retrieval provides extinction coefficient profiles
at two wavelengths (λ1 = 532 nm and λ2 = 1064 nm) the Ångström exponent is obtained by:

α(rm) =
ln(kext

Mie(z, rm, λ2))− ln(kext
Mie(z, rm, λ1))

ln(λ1)− ln(λ2)
. (18)

It is worth pointing out that α(rm) depends on altitude through rm. As discussed earlier, the
altitude dependence of rm = rm(z) is omitted to simplify the notation.

Figure 14 shows a comparison between the satellite observations and the lidar extinction profiles
converted from the 532 nm profile to the corresponding satellite wavelength. The shapes and values
of both profiles look very similar for altitudes below roughly 25 km. However, above this altitude,
the OSIRIS profile shows a pronounced dip-like structure. This behaviour is probably caused by a low
bias in the OSIRIS aerosol extinction retrievals at high latitudes and altitudes. This bias appears from
time to time and is a known issue [43]. Although the comparison looks quite good, it is worth pointing
out that the measurements are not performed at exactly the same time and location.
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Figure 14. Extinction profiles obtained from the OMPS (left) and OSIRIS (right) instruments for March
2013. The red solid lines show the lidar extinction profile for March 2013 retrieved with S = 1.5 and
converted to the wavelengths of OMPS and OSIRIS using Equation (17). The red dotted lines indicate
the error ranges (similar to Figure 11).

6. Conclusions

In this work, we presented an approach for retrieving particle size and extinction coefficient
profiles of stratospheric aerosols from multi-color measurements with the ALOMAR-RMR lidar in
northern Norway. The retrieval approach is based on comparing the measured and modeled color
indices for the wavelengths 1064 nm and 532 nm. In a first retrieval step profiles of the aerosol
median radius of a monomodal log-normal particle size distribution with fixed width are obtained.
These are used in a second step, together with temperature and air density profiles from ERA-Interim,
to calculate the desired aerosol extinction profiles. Although assumptions on the aerosol properties
have to be made, the inferred extinction coefficients are relatively robust against variations of the
assumed distribution width. The direct comparison with extinction coefficient profiles obtained by
satellite-borne measurements show a significant relative difference of roughly 40% at altitudes around
20 km, which in the case of OSIRIS can reach over 100% at higher altitudes. As pointed out, this high
deviation is probably caused by a known low bias of the aerosol extinction retrieved from OSIRIS
measurements at high northern latitudes and the respective altitudes.
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To our best knowledge this study describes a novel approach and presents the first combined retrieval
of median radius rm(z), number density NA(z), and extinction ksca

Mie(z) of stratospheric aerosols based on
ground-based lidar measurements. A detailed investigation of error sources shows that the distribution
width constitutes the dominant error source for the retrieval. The median radii of the aerosol size
distribution obtained with this approach are in good overall agreement with other independent particle
size observations (except those by SAGE II) which confirms that our assumptions are valid.
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